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INTRODUCTION 

Seismic arrays have been widely used for many years in
aspects of seismology as diverse as the determination of the
innermost structure of the Earth (Bataille et al., 1990), the
study of scattered waves to investigate the presence of hetero-
geneities in the crust (Gupta et al., 1993), the verification of
the Comprehensive Test Ban Treaty (Husebye and
Mykkeltveit, 1981), the determination of rupture propaga-
tion velocity during earthquakes (Goldstein and Archuleta,
1991b), the determination of shallow velocity structures from
analyses of sustained wave fields such as cultural noise (Aki,
1957; Horike, 1985) and volcanic tremor (Ferrazzini et al.,
1991; Métaxian et al., 1997; Chouet et al., 1998), and the
location of volcanic sources (Almendros et al., 2001b).

This versatility of seismic arrays is due to the fact that
they sample the ground motion in both time and space, thus
allowing a separation of the different wave components in the
wavefield and providing an estimation of the instantaneous
slowness vectors of these waves. This decomposition of the
wavefield can be used to separate coherent wavefronts from
noise, thereby improving the detectability of weak signals
under noisy conditions. For this reason, seismic arrays are also
referred to as “seismic antennas.”

Information derived from the slowness vectors permits
an estimation of the location of seismic sources, and in more
general terms allows a spatiotemporal tracking of seismic
sources. Tracking of the source is performed by monitoring
the slowness vector parameters for any variation that may
occur during the source activity. Most sources last a short
time in comparison with the time required for the waves to
travel from the source hypocenter to the receivers. For such
sources, the slowness vectors obtained from array analyses
performed on a moving window sliding across the seismo-
grams of the event may be used to identify secondary phases
such as scattered waves, but do not yield new information
about the spatiotemporal properties of the source. Some seis-
mic sources do last longer, however, and for these sources
array tracking can, in theory and under certain conditions,
provide enough information to determine the source trajec-
tory or, if the source remains stationary, the source history.

To understand the difficulties involved in the spatial
tracking of a seismic source, we may use the analogy of an air-

plane moving across the sky on a clear day. Under such con-
ditions, one can point a finger to the plane’s position and
track its movement. In this familiar occurrence, there are a
few unspoken concepts worth mentioning. First, we do not
really know the plane’s actual position. We know its direction,
expressed perhaps as two angular coordinates, but we have no
information on its distance to the observer. To determine the
plane’s exact location, one could use, for example, several
observers spaced at distances comparable to that separating
the plane from the ground and spread these observers over a
wide range of azimuths surrounding the plane. In this situa-
tion, the crossing of the directions from each observer to the
plane provides an estimate of the plane’s position. Second, we
are implicitly assuming that the speed of the plane is small
compared with the velocity of light, so that the plane has not
moved significantly during the time taken by light to reach
us. But what if the sky is cloudy and we cannot see the plane
but only hear it? The velocity of sound waves is comparable to
the speed of the plane, so that we may not assume anymore
that the plane is still in the direction our ears tell us the sound
comes from. The plane was actually there some time earlier.
How far the plane has moved from this position depends on
the speed of the plane and its direction of motion relative to
the observer. Third, we assume that the atmosphere is opti-
cally homogeneous, so that the ray paths are straight lines.
But the presence of heterogeneities in the atmosphere further
complicates the problem by introducing refraction, reflec-
tion, scattering, attenuation, and other wave-propagation
phenomena. The light coming from the plane might not be
monochromatic, opening the possibility of observing multi-
ple images of different colors. Finally, the visual acuity of the
observer plays a role too, in the sense that the image seen may
not be a point of light but a blur instead.

Unfortunately, the seismological observation of a moving
source in the Earth using multiple seismic antennas faces
most of these problems. We can track the apparent slowness
vectors of the wavefield and isolate the source components,
but we do not know the distance to the source or the effects
of the medium on the recorded signal. The source itself may
be complex and generate waves with different kinds of polar-
izations, in preferred directions, and with frequency-depen-
dent energy. The propagation medium contains three-
dimensional heterogeneities in wave propagation velocity,
density, rigidity, anelastic attenuation, and so on. To make
matters worse, the seismological instrumentation filters our
view of the wavefields via its limited bandwidth and dynamic 1. Now at Instituto Andaluz de Geofísica, Universidad de Granada, Spain.
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range. The complexities involved are so daunting that, to our
knowledge and apart from studies by Spudich and Cranswick
(1984), Hough (1994), and Goldstein and Archuleta
(1991b), who used a near-source array to track the rupture
propagation along a fault during an earthquake, no spatial
tracking of a moving seismic source has ever been attempted.

Estimating the distance to a source of any kind of sus-
tained seismic signal is a challenging task, even for a station-
ary source. The lack of clear seismic phases and loss of
coherence with distance make it impossible to locate accu-
rately the sources of such signals with a traditional network.
To address this problem small-aperture seismic antennas are
required. Analyses of data from multiple synchronized anten-
nas yield independent estimates of the slowness vectors of the
wavefield. Each antenna provides a back-azimuth to the
source, and an epicentral position can be determined from
the intersections of all the back-azimuths. This simple geo-
metrical method was applied by Almendros et al. (2000) to
array data recorded at Teide Volcano (Canary Islands, Spain).
Almendros et al. (2001a, b) later refined this method by
including the effects of topography and 3D velocity structure
on the wavefronts, and used the apparent slownesses of the
waves to estimate the source depth. Another approach makes
use of a circular wave-front assumption rather than the usual
plane wave-front assumption. If the source is distant, there is
no advantage in using this method. For nearby sources, how-
ever, the circular wave-front method can provide an estimate

of the epicentral distance based on single-array data. Almen-
dros et al. (1999) modified the array cross-correlation method
of Del Pezzo et al. (1997) to account for receiver delays asso-
ciated with circular wave fronts and obtained estimates of the
epicenters of LP events in a swarm recorded by a single array
at Deception Island Volcano, Antarctica.

In this article, we perform a detailed analysis of a sus-
tained signal recorded simultaneously by two small-aperture
seismic antennas deployed in Kilauea caldera, Hawaii. This
signal is different from all other seismicity detected by the
antennas. In order to understand its nature and behavior, we
track the apparent slowness vectors recorded at both arrays to
obtain an estimate of the source location. These analyses,
combined with results from forward modeling, lead us to
conclude that the detected signal corresponds to the signature
of a moving source.

INSTRUMENTS

During the first weeks of February 1997, a seismic experi-
ment was carried out at Kilauea Volcano, Hawaii, by a joint
Japan-U.S. team. The purpose of this experiment was to
identify active seismic sources within Kilauea. The deployed
instruments include two small-aperture, semicircular seismic
antennas named D and E (Figure 1), featuring Mark Prod-
ucts L11-4A and L22-3D sensors, each with a natural fre-
quency of 2 Hz and sensitivity of 50 V/(m/s). Data were

� Figure 1. Map of the southern sector of Kilauea caldera showing the positions and configurations of vertical sensors in the seismic antennas used in our
analysis (black dots). The map contour interval is 25 m. The black squares mark the locations of two permanent stations of the Hawaiian broadband seismic
network (SDH and SRM) and the center position of a third seismic antenna (F) not used in this study. The bold line shows Crater Rim Drive (CRD), a road that
crosses the caldera south of the Halemaumau pit crater. The gray-shaded patch overlapping the eastern edge of Halemaumau represents the epicentral source
region of the LP seismicity recorded during the experiment (Almendros et al., 2001b). The inset shows the location of Kilauea caldera on the island of Hawaii.
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sampled at 100 sps and recorded on 16-bit, three-channel
Hakusan data loggers. Antenna D, with an aperture of 400
m, consists of 41 three-component sensors with station spac-
ing of 50 m along the spokes and angular spacing of 20°
between spokes. Antenna E, with an aperture of 300 m,
includes 22 vertical-component sensors with station spacing
of 50 m along the spokes and angular spacing of 30º between
spokes.

DATA DESCRIPTION

In this section we describe different aspects of the signal
recorded by antennas D and E between 13:20 and 13:30
(Hawaiian Standard Time) on 12 February 1997. The prop-
erties of this signal (waveform signature, spectral content,
propagation direction, and apparent velocity) are unlike any
other signal detected at Kilauea at the time. To understand
the uniqueness of this signal, we compare it with the most
common seismic signatures observed at Kilauea, those of
long-period (LP) seismicity.

LP Seismicity
The term LP seismicity refers to a class of seismic events
whose source processes involve interactions between fluids
embedded in a solid medium, and the solid medium itself.
The source mechanism of these events does not involve brit-
tle shear failure, but rather the resonant excitation of fluid-
filled cavities such as cracks or conduits (Chouet, 1988,
1992, 1996; Julian, 1994). The most important field where
we encounter LP seismicity is volcano seismology. LP seis-
micity is fundamentally related to the dynamics of volcanoes
and constitutes a very important tool in eruption forecasting
(Chouet et al., 1994; Chouet, 1996). Traditionally, LP seis-
micity includes two main types of events, LP events and
tremor (Chouet, 1996). The distinction is based on the dura-
tion of activity, which is short for LP events (typically some
tens of seconds, with longer coda reflecting a stronger imped-
ance contrast between fluid and solid at the source) and
longer for tremor (ranging up to several hours, or in some
cases weeks or months). Other important characteristics such
as spectral content, particle motions, and source location are
usually the same for LP events and tremor (Fehler, 1983;
Koyanagi et al., 1987; Chouet et al., 1994; Chouet, 1996;
Almendros et al., 1997; Almendros et al., 2001b).

LP seismicity recorded at Kilauea during the February
1997 experiment was marked by a swarm of LP events super-
imposed on a sustained background of tremor. The peak in
swarm activity occurred on 11 and 12 February, with almost
one hundred LP events detected per hour. This LP seismicity
was located by a method combining frequency-slowness anal-
yses with the use of a slowness vector model (Almendros et
al., 2001a; Almendros et al., 2001b). All hypocenters were
found to be contained within a small volume of approxi-
mately 0.1 km3 located at shallow depths northeast of the
Halemaumau pit crater (Figure 1).

Waveform and Spectral Content
The most striking feature of the seismograms recorded
between 13:20 and 13:30 on 12 February is the strong differ-
ence between the ground motions recorded at arrays D and E,
located only 1.5 km apart. This is best demonstrated in the
seismograms and spectrograms of 23 minutes of data
obtained at two sample stations in arrays D and E (Figure 2).
During this time interval, we observe several LP events (indi-
cated by black arrows in Figure 2). LP events recorded at
Kilauea are characterized by emergent onsets, spindle-shaped
amplitude envelopes, and spectra containing energy in the
band 1–15 Hz with dominant peaks in the 2–6 Hz range
(Almendros et al., 2001b). Individual event durations are typ-
ically about 20 s. These properties are common to the records
from both antennas. However, between roughly 13:20 and
13:30 we find a portion of signal, marked by the white arrows
in Figure 2, which appears quite different in both waveform
and spectral content at arrays D and E. Most of the energy in
this signal is concentrated in the band 7–20 Hz, except for
the long-lasting presence of a spectral peak near 3 Hz. There
is an apparent delay between the occurrence of this peak at
array E and its occurrence at array D.

Propagation Properties
The propagation properties of a seismic signal are character-
ized in the plane wave-front approximation by the apparent
slowness vector, s. The magnitude of this vector, called the ray
parameter or apparent slowness, s, is the inverse of the appar-
ent velocity of the wave fronts. Its direction represents the
wave propagation azimuth, φ, usually measured clockwise
from north. The apparent slowness and azimuth representing
the apparent slowness vector can be estimated from fre-
quency-slowness analyses of array data. In the present study,
frequency-slowness analyses are performed using the MUSIC
algorithm (Schmidt, 1986; Goldstein and Archuleta, 1987).

Our analyses are conducted over eleven overlapping fre-
quency bands with individual bandwidths of 1.2 Hz, covering
the overall bandwidth 1–10 Hz. The slowness spectra
obtained in the different frequency bands are then stacked to
obtain a more robust estimate of the slowness vector (Wang
and Kaveh, 1985; Spudich and Oppenheimer, 1986). We use
a window length of 2.56 s (256 samples) sliding in increments
of 0.2 s across the records. Our analyses yield time series of
slowness, azimuth, and power for each antenna, together with
error limits in slowness and azimuth estimated from the
dimensions of the slowness power contour corresponding to
90% of the maximum slowness power. Figure 3 shows two
90-second-long samples of frequency-slowness data from
both antennas. These samples, recorded near the beginning
and end of the period displayed in Figure 2, are dominated by
LP seismicity. The occurrence of LP events and tremor is asso-
ciated with the following observations: (1) There is a peak in
the slowness power; (2) the azimuth remains stable for a few
seconds with low error; (3) the slowness is generally low, indi-
cating the presence of body waves; and (4) the features listed
in (1), (2), and (3) are observed simultaneously at both anten-
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nas. When LP events or tremor are not present in the wave-
field, the slowness power remains low, and azimuth and
slowness values are scattered and with large errors, indicating
that the wavefield is dominated by noise.

Surprisingly, features quite distinct from those described
above are observed in Figure 4, which shows frequency-slow-
ness data for 6-minute-long records obtained at both arrays.
These records contain the sustained signal occurring during
the intervals bracketed by white arrows in Figure 2. Focusing
on the portions of the signal highlighted by gray shading in
Figure 4, we observe that (1) the slowness power fluctuates at
a level slightly above background; (2) the azimuth displays
small errors and remains almost stationary for several min-
utes, with a slow clockwise drift from an eastward to west-
ward propagation; (3) the slowness is consistently high with
values between 1 and 2 s/km, suggesting a wavefield domi-
nated by surface waves, consistent with a shallow source; and

(4) these features of the slowness data are not observed simul-
taneously at both antennas, but are first observed at antenna
D and later at antenna E, with a delay on the order of one
minute.

These two distinct behaviors are observed simulta-
neously in the frequency-slowness power spectra when the
sustained signal and an LP event overlap. Waves generated by
both sources contribute to the wavefield, with the dominant
source producing the dominant spectral peak and the other
source showing up as a secondary peak. As our analyses are
focused in the main peak only, we detect one component or
the other depending on their relative energy balance. Clear
evidence of this effect is observed near the arrival time of the
LP event at 13:26:20, marked by an arrow in Figure 4. Figure
5 shows the frequency-slowness results obtained for this sec-
tion of data, which contains part of the sustained signal and
an overlapping LP event. Before the LP event (during the

� Figure 3. Results of frequency-slowness analyses of LP seismicity performed on arrays D (top) and E (bottom) during the intervals 13:16:00–13:17:30
(left) and 13:35:10–13:36:40 (right) on 12 February 1997. The panels show, from top to bottom, the vertical component of ground velocity, v, recorded at the
hub station, the apparent slowness, s, and azimuth, φ, together with their estimated errors and frequency-slowness power determined at each array. The vertical
bands of shading bracket first arrivals for the LP events displayed.
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period corresponding to the gray bands labeled “A”), the sus-
tained signal is dominating the records and the azimuths are
consistent with a source located east-northeast of both anten-
nas. In contrast, at the onset of the LP event (the gray bands
labeled “B”) the source of the sustained signal becomes sec-
ondary and the azimuths point to another source located
northeast of Halemaumau, coincident with the source of all
the LP seismicity recorded during the experiment (Almen-
dros et al., 2001b).

ESTIMATION OF THE SOURCE LOCATION

We use two different methods to estimate the location of the
source of the sustained signal shown in Figures 2 and 4. First,
we obtain a geometrical location based only on azimuthal
information from both antennas (Figure 6). The procedure
consists in selecting an appropriate window at each antenna.

Average values of azimuths and their errors are obtained at
each antenna, and these estimates are used to locate the point
where the two azimuthal directions intersect. A difficulty with
this approach is that the windows selected at each antenna
must contain the same wave fronts and thus should account
for the delay in wave arrivals due to the spatial separation
between the antennas. For LP events, this difficulty is resolved
by looking at the coincidence of waveforms, power peaks, or
similar wavefield features; however, for a sustained signal such
as shown in Figure 4 there is no easy way to ensure that we are
looking at the same wave arrivals at both antennas. Neverthe-
less, as our azimuthal data vary very slowly, we can obtain an
approximate solution by using a window whose duration is
longer than the largest expected delay between arrivals at each
antenna. Accordingly, we select an 8-second-long window
(Figure 6A) and restrict our analysis to the time interval
13:23:10–13:24:40, during which the frequency-slowness

� Figure 4. Results of frequency-slowness analyses performed on arrays D (top) and E (bottom) for data corresponding to the sustained signal observed
during the interval 13:21:00–13:27:00 on 12 February 1997. The panels show, from top to bottom, the vertical component of ground velocity, v, the apparent
slowness, s, and azimuth, φ, together with their estimated errors and frequency-slowness power determined at each array. The shaded windows bracket the
sustained signal analyzed in the present study. The black arrow marks an LP event superimposed on the sustained signal (see Figure 5).
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data from both arrays show slowly varying azimuths. By mov-
ing the window in increments of 0.4 s across this 90 s interval
we obtain the apparent epicenters shown in Figure 6B.

Our second method is the circular wave-front method of
Almendros et al. (1999). This method performs a cross-corre-
lation of array data to obtain an estimation of the distance to
the source. In our application of the method, we select a win-
dow length of 2.56 s and slide this window in increments of
0.2 s across the signal. We use only those results for which the
difference in the maximum array-averaged cross-correlation
(MACC) calculated for a circular wave front, compared to
the MACC corresponding to a plane wave front, exceeds a
certain threshold value, fixed to 5% of the plane wave-front
MACC. An application of this method to our data reveals
that during most of the selected time interval the source is too

far to allow an accurate estimation of its distance to our
antennas. Only two time intervals are found—one for each
antenna—during which the circular wave-front method pro-
vides meaningful estimates of the epicentral distance to the
source. Figure 7 shows the distance estimates obtained
between 13:20 and 13:28. Solutions with less than 5% of
MACC improvement are represented by crosses, and those
with MACC improvement larger than 5% are shown by dots.
In these plots, we observe that the source was close to each
antenna during a short period of time. The source is near
antenna D during the time interval 13:22:40–13:23:40 and
is near antenna E during the interval 13:24:10–13:25:20.
The durations of the intervals of source proximity to each
antenna are both about one minute, and the delay between
each interval is on the order of 100 s.

� Figure 5. Example of detection of an LP event superimposed on the sustained signal (see Figure 4). (top) Frequency-slowness results for arrays D (left)
and E (right) for 20 s of data starting at 13:26:17 on 12 February 1997. The vertical bands of shading in the top panels identify parts of the wavefield dominated
by the sustained signal (window A) and other parts of the wavefield dominated by first arrivals from an LP event (window B). (bottom) Trial locations obtained
by averaging the values of azimuth within the shaded windows A and B in the top panels. The arrows indicate which windows were used in the solution. The
dashed lines represent the average azimuths, and the shaded wedges represent the azimuthal spreads corresponding to the average errors in the azimuth esti-
mates.
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� Figure 6. (A) Azimuths obtained from frequency-slowness analyses of data from arrays D (top) and E (bottom) for 130 s of record starting at 13:22:50 on
12 February 1997. The shaded interval identifies an 8-second-long window. This sliding window steps in increments of 0.4 s across the records from both
antennas, starting at the displayed position and ending at a time marked by the dashed vertical line. The overall time interval considered extends from 13:23:10
to 13:24:40, during which both antennas are detecting a stable wave-propagation azimuth. An average back-azimuth is calculated for each window at each
antenna to obtain an estimate of the source epicenter from the intersection of the two back-azimuths. (B) Apparent trajectory of the source epicenter obtained
by this location method. The two dashed lines show the average back-azimuths at antennas D and E at the time corresponding to the center position of the
shaded window in (A). Dots mark epicenter positions obtained in successive time windows, and arrows indicate the directions of apparent source motion.

� Figure 7. Distance to the source estimated by the circular wave-front method. Low confidence results are marked by small crosses, and reliable results
are shown as solid dots.
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DISCUSSION

Origin of the Signal
The first hint that emerges from the results of our analyses is
that we are dealing with a sustained source, in the sense that
the character of the waves remains approximately the same
during the entire time interval highlighted by the gray win-
dows in Figure 4. If discrete sources were present, we would
observe the characteristics of the noise between source bursts,
but we see no evidence of that. Being on a volcano, we might
naturally think that the origin of the sustained signal could be
a low-amplitude volcanic tremor, with the differences in the
traces observed at both arrays being due to path or site effects.
Sustained tremor has been observed at many volcanoes and is
usually associated with continuous degassing, venting, and
other processes of fluid transport (Fehler, 1983; Chouet,
1996). However, taking into account the odd characteristics of
the signal observed at 13:20 as compared to LP seismicity, we
cannot think of any natural process that might be responsible
for its origin. The observed temporal variation in the propaga-
tion azimuths can be satisfactorily explained only if the source
is actually moving. The azimuthal variation of up to 2°/s
translates into a transverse velocity of 17 m/s (or 61 km/h) at
a distance of 500 m from the antenna, and 70 m/s
(251 km/h) at a distance of 2 km. This is manifestly too fast
for the propagation of a dike or any other natural source. The
propagation of the rupture along a long earthquake fault is
also excluded because the antennas are very close compared to
the fault length, so that they should detect waves with similar
azimuths, which is not the case. Furthermore, the signal is not
simultaneously detected at arrays D and E even when we
account for a reasonable delay due to wave propagation. Sur-
face-wave velocities in this volcanic environment may be in
the range 0.6–0.8 km/s for 3 Hz waves (Ferrazzini et al.,
1991), so that for the distance of roughly 1.5 km separating
the two antennas the maximum expected signal delay between
antennas is 1.8–2.5 s. We find that the signal is delayed by
over one minute at antenna E compared to antenna D, hence
this delay cannot be related to wave propagation, and we con-
clude that it reflects the motion of the source.

Our interpretation of these observations is that a nonnat-
ural seismic source is moving across Kilauea caldera. This
source generates a low-energy signal that is detected only
when the source is close enough to the antennas. Our imme-
diate assumption for such a source is a heavy vehicle moving
eastward along Crater Rim Drive (CRD), a road surrounding
Kilauea caldera (Figure 1). This road traverses the caldera just
south of Halemaumau and passes within a few hundred
meters of both antennas. For a vehicle moving counterclock-
wise from north to east along the road (Figure 1), the wave
propagation azimuth should shift from eastward to westward
in a clockwise rotation, as observed. The apparent slowness
should be high, corresponding to a source at the surface of a
medium consisting of low-impedance surficial volcanic
deposits, again in qualitative agreement with what we observe
in our data. Our estimation of distance to the source based on

the circular wave-front method is also consistent with the
vehicle hypothesis. Results from this analysis show that the
source is within a few hundred meters of each antenna during
at least 60 s and that it takes about 100 s to move from the
vicinity of antenna D to the vicinity of antenna E. Along the
road, the distance between both antennas is about 1.7 km.
This distance can be traveled in 100 s by a vehicle moving at
60 km/h. Therefore, the vehicle hypothesis qualitatively
explains many characteristics of the observed data.

Additional evidence favoring the vehicle hypothesis
comes from other instruments deployed during the 1997
experiment, and in particular from a third seismic antenna
located immediately northeast of Halemaumau (array F in
Figure 1). Frequency-slowness analyses performed on data
recorded on this antenna did not show any trace of the sus-
tained signal observed at antennas D and E. As a vehicle mov-
ing along the CRD never gets closer than 1.5 km to this third
antenna, the source is always too distant and the signal-to-
noise ratio too low to allow its detection at this location.

Further support for our vehicle hypothesis is two exam-
ples of vehicle traces shown in Figure 8. These traces were
recorded at stations SDH and SRM of the Hawaiian broad-
band seismic network (see Figure 1) at other times than the
period analyzed here. Station SDH is located near array D,
and both the station and array are located on the same sandy
hill. Station SRM is near array E, and in this case both the
station and array are on the same pahoehoe flow. The records
obtained at both stations show a behavior similar to the signal
we have analyzed and display completely different features at
the two stations. An energetic high-frequency wave train is
observed at SDH, which is not seen at SRM. Signals with
similar features are most commonly observed in the records
of SDH and SRM during daytime hours. Such signals are
interpreted by the HVO staff as signatures of vehicles moving
along the CRD.

There is, however, an inconsistency between the above
conceptual model of the source and our estimation of dis-
tance derived from the joint location method. As shown in
Figure 6B, during the time interval when the source is
between the two antennas, the source appears to move north,
away from CRD, very fast, drifting by 4 km in about 30 s at
an average velocity of 480 km/h. This is too fast for any vehi-
cle, even considering a helicopter moving close to the ground.
We note, however, that this peculiar source trajectory appears
to overlap with the topographic features associated with the
circular edge of the Halemaumau pit crater. A possible expla-
nation for the observed trajectory may thus be that the energy
contributions to the wavefield from secondary reflections and
diffractions by the topography of Halemaumau are stronger
than the energy contributions from the primary source mov-
ing along CRD. The trajectory shown in Figure 6B would
then be only an apparent trajectory resulting from the fact
that the antennas are pointing to the edges of Halemaumau
instead of the actual source position. The short wavelengths
of the waves make them particularly sensitive to small-scale
topographic features of the volcanic medium.
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Modeling a Source Moving along the CRD
As a final step, we test our hypothesis by attempting to model
the azimuths that the antennas should detect for a vehicle
moving along CRD. The simple model we develop here
assumes that the medium is homogeneous. In such a medium
the propagation azimuths of the waves observed at the anten-
nas represent the geometrical azimuths from the source to the
center of each antenna. Our goal is to compare the azimuths
associated with given positions along CRD with the propaga-
tion azimuths derived from our array analyses. To perform
this comparison, we assume an instantaneous velocity for the
vehicle based on our experience of driving along CRD and a
fixed apparent slowness s = 1.5 s/km.

We divide CRD into N segments of length ln (n = 1,
2, … , N), starting at an arbitrary origin position, and assume
a fixed vehicle velocity vn in each segment. The time spent by
the vehicle in segment n is τn = ln/vn. Denoting the coordi-
nates of the end of the nth segment and antenna center by
(xn, yn) and (x0, y0), respectively, we obtain the propagation
azimuth φn and distance to the antenna rn as the source passes
that segment, in the forms

(1)

The arrival time tn of the waves at the antenna is the sum of
the time spent by the waves to propagate from the source to
the antenna, plus the time spent by the source to propagate
from the first to the nth segment of the road,

. (2)

In this manner, we obtain a series (tn, φn) that can be com-
pared with the experimental azimuthal data. To overlay the
experimental and synthetic azimuth traces we need to syn-
chronize them. The origin time depends on our selection of
an origin along the road, and the corresponding time delay
must be adjusted manually.

Using this procedure we obtain the results shown by
solid lines in Figure 9. Our fit reproduces the overall behavior
of the data, although several details are not explained, such as
the secondary maximum on array E at 13:24:10 and the con-
sistently lower azimuth at D during the interval 13:23:50–
13:24:30. This may be an indication that our assumptions
concerning the medium are not correct, and that topography
and velocity heterogeneities play an important role in the
wave propagation.

Further refinement can be achieved by including the
effect of topography on the propagating wavefronts. Using
the Kilauea topography, we perform finite difference calcula-
tions (Ohminato and Chouet, 1997) for a point source mov-
ing along CRD. These calculations consider a domain of
8 × 8 × 2 km discretized by 401 × 401 × 101 cells with fixed
size of 20 × 20 × 20 m. The top layer of cells is centered at
the geographical coordinates 19′24.5°N, 155′17.0°W, at an
elevation of 1,277 m. Lamé coefficients are set to zero in all
the cells located above the topography. Our simulation con-
siders successive sources distributed along the discretized
track of CRD. As before, CRD is divided into N segments of

� Figure 8. Examples of two signals recorded at stations SDH and SRM (see Figure 1) with features similar to those of the sustained signal analyzed in the
present paper (compare to seismograms in Figure 2). Station SDH is located near array D, and station SRM is located near array E.
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length ln and one source is applied at the center of each seg-
ment. The origin time of each source is fixed by the velocity
profile shown in Figure 9B. Each source consists of a single
downward vertical force with amplitude of 105 N, and
source-time function S(t) in the form of an exponentially
decaying sine function

(3)

where m = 4, τ = 0.2 s, and f = 3 Hz. The total duration of a
source is ∼2 s, so that the signal from each source overlaps
with the signal from the next triggered source, thereby pro-
ducing a sustained signal. The synthetic wavefield generated
in this manner is analyzed with synthetic antennas that simu-
late the locations and configurations of antennas D and E.
Frequency-slowness analyses of the synthetic wavefield, per-
formed using the same parameters as those applied to the

actual data, yield time series of azimuths that can be com-
pared with the experimental data.

The results of this procedure are shown by the dotted
lines in Figure 9. The synthetic azimuthal curves obtained by
finite difference are generally closer to the experimental data
than those based on the simple geometrical model (solid
lines), corroborating our assumption concerning the impor-
tance of topography effects in the wavefield. However, details
of the azimuthal behavior of the data are still not fully
explained. The next obvious step in modeling these data
would be to include information about the three-dimensional
velocity structure. Unfortunately, our knowledge of small-
scale velocity heterogeneities in the Kilauea summit region is
still too incomplete to attempt resolving these details. In par-
ticular, the 3D velocity model of Kilauea caldera with resolu-
tion of 500 m obtained by Dawson et al. (1999) is too
smooth to allow a better fit to our azimuthal data.

� Figure 9. Forward modeling of the wave-propagation azimuths detected by the two antennas. Our model is based on the geometrical directions from the
road to the center of each array and an assumed velocity history of the source. (A) Map view of the location of the antennas relative to CRD. Black dots mark
the ends of the road segments considered in our calculation. The origin used for the measurement of distances along the road is marked by an open circle
labeled P. (B) Vehicle velocity as a function of distance from the origin P. (C) Wave-propagation azimuths obtained from frequency-slowness analyses of the
data (solid dots), azimuths calculated with the geometric model (solid line), and azimuths obtained from finite-difference calculations (dotted line) for arrays
D (upper panel) and E (bottom panel). The arrows in (A), (B), and (C) mark the road locations closest to each antenna.
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CONCLUSIONS

The present analysis provides a demonstration of the capabil-
ities of small-aperture seismic antennas. We have used fre-
quency-slowness analyses to track the apparent slowness
vectors of the wavefield, and two distance-estimation meth-
ods in attempts to convert this information into a spatial
tracking of the epicenter. Although we are fairly confident
that the sustained signal represents the seismic signature of a
vehicle traveling along CRD, we cannot model this source in
detail because of simplifying assumptions required by our
limited knowledge of the fine-scale velocity structure of the
medium. 
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